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ABSTRACT

A simple coupled ocean-atmosphere model, similar to that of Zebiak and Cane, is used to examine the
dynamic and thermodynamic processes associated with El Nifio/Southern Oscillation (ENSO). The model is
run for 300 years. The interannual variability which results is regular, with a period of either 3 or 4 years,
quantized by the annual cycle. The amplitude (~ 1.5 m s~! wind and 2°C SST anomalies), period and structure
of the interannual variability compare well with observations. The model warm event is initiated in the spring
prior to the event peak, and is well described as an instability of the coupled system. During instability growth,
the sea surface temperature (SST) anomaly is primarily generated by vertical upwelling processes. The SST
anomaly can be approximately described by the expression d7/9t = Kyh — a*T, where T is the SST anomaly,
t time, A the upper layer thickness (pycnocline) perturbation and a* an effective damping time which includes
heat loss to the atmosphere. K- parameterizes vertical upwelling and mixed layer processes.

Oceanic wave dynamics determines the fate of the growing instability. The warming of the SST produces
westerly wind anomalies in the equatorial central Pacific, forcing equatorially trapped Rossby waves that propagate
freely to the western boundary. These waves reflect at the western boundary, sending upwelling equatorial
Kelvin waves back to the central basin. These cooling Kelvin waves act to terminate instability growth and
rapidly plunge the coupled system into a cold regime. The western boundary reflection is necessary for event
" termination. The system returns from a cold regime via reduced heat flux to the atmosphere and, to a lesser
extent, by wave induced processes like that which lead to the warm event termination. The interannual variability
is not produced by vacillation between two equilibrium states: a cold and a warm state. The growth rate to
either the cold or warm state is too slow for the system to achieve equilibrium, even for a basin the size of the
Pacific. The model results indicate that shortly after the initial set of gravest mode Rossby reflections on the
western boundary, the instability growth is already being substantially moderated by the equatorial wave processes
in the ocean. Thus the system is oscillatory around a single basic state.

Of the Rossby waves produced in the central Pacific by the warm event, only the two gravest mode symmetric
modes are important in the reflection process, which produce the Kelvin waves that terminate the warm event,
In nature, the actual western boundary for the equatorial Pacific wave guide is very ambiguous. Calculations
indicate, however, that efficient reflection of the gravest symmetric Rossby waves from a more realistic boundary
than the meridional wall in the model is possible. Finally, if the model is indeed simulating the correct processes
controlling ENSO events, the nature of the instability mechanism that leads to growth and the wave-induced
termination of the model warm event suggests that, for realistic instability growth rates for the coupled equatorial
ocean-atmosphere system, interannual variability analogous to ENSO should not be possible in equatorial
basins significantly smaller than the Pacific.
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1. Introduction

The El Nifio/Southern Oscillation phenomenon
provides a very interesting focus for studies of coupled
ocean-atmosphere interaction in the tropics. It is also
an important problem for the economies of many
tropical Pacific nations (Canby 1984 ). Some scientists
feel that a better understanding of the phenomenon
may lead to some skill in climate predictability. It is
the goal of this research to examine the dynamics and
feedback mechanisms that act to form interannual
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variability in the tropical Pacific. Recently, elements
of the El Nifio/Southern Oscillation (ENSO) phe-
nomenon in the tropical Pacific have been documented
rather thoroughly, particularly the atmospheric wind
anomalies, outgoing longwave radiation and the
oceanic sea surface temperature (SST) perturbations
(e.g., Rasmusson and Carpenter 1982; Wright et al.
1987). In addition, we have obtained some information
concerning upper layer (the top 300 meters, say)
oceanic motions associated with the past two ENSO
events. These studies provide the necessary background
for comparison with model results, but by themselves
have not lead to a complete dynamical description of
the phenomenon. '
To approach the coupled ocean-atmosphere prob-
lem analytically the physics must be simplified tre-
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mendously. Both the atmosphere and the ocean are
nonlinear, dynamically and thermodynamically. The
coupling between the two media is also highly nonlin-
ear. However, Hirst (1986, 1987) has made some prog-
ress in understanding the coupled system by simplifying
the coupling mechanisms and ocean thermodynamics,
and linearizing the entire system. In particular, he has
highlighted the importance of the form of the (param-
eterized ) ocean thermodynamics to the type of the re-
sultant ocean—-atmosphere instability. Hirst’s results
explain, for example, why the unstable disturbances
postulated by Gill (1985) propagate westward, while
those of Philander et al. (1984 ) propagate eastward. As
Hirst’s work is a linear instability study the interpre-
tation of the results is somewhat hindered by the in-
herent nonlinearities of the system and the inhomo-
geneous basic state. . _

A hierarchy of coupled numerical models exist, or
are'being built, which will provide unique contributions
to the understanding of this coupled ocean—atmosphere
problem. Zebiak and Cane (1987) have taken the in-
termediate path. They have developed a numerical
model that is still an anomaly model, yet includes more
. realistically the basic physics of the problem. Specifi-
cally, they retain a reasonable approximation of the
mean seasonal state and the nonlinearity associated
with the ocean-atmosphere coupling and the ocean
and atmosphere thermodynamics. Their model warm
events are similar to the observations, at least in terms
of evolution and patterns associated with the SST
anomalies, and, to a lesser extent, in terms of the wind
anomalies in the equatorial band (within 5° of the
equator). Zebiak and Cane have looked at the sensi-
tivity of the model to changes in the values of various
parameters specified in their model. These results have
been interpreted in the framework of event predict-
ability by looking primarily at the time series of SST
evolution at various locations in the Pacific Ocean.

The seeming success of the Zebiak and Cane model
in simulating ENSO-like events is promising. The
physics contained in the model seems to be sufficient
to give realistic looking interannual variability. Yet
fundamerital questions concerning the mechanisms
and dynamics of event onset and decay as simulated
by this model have not been answered. An under-
standing of these mechanisms is crucial for us to de-
termine whether or not this is a reasonable model of
the coupled system. If we are able to define these
mechanisms we should also be able to shed some light
on some basic questions concerning how the ENSO
events are affected by the details of the coupling pa-
rameterization, the geometry of the ocean basin(s),
and stochastic forcing associated with unrelated climate
variability. : .

In this study we will use a model very similar to that
of Zebiak and Cane (1987) to define the physical pro-
cesses acting to produce (model) ENSO events. Em-
phasis will be placed on describing the dynamical and
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thermodynamical nature of the mechanisms that trig- -
ger the coupled instability, maintain the unstable
growth and lead to the demise of a warm event. A brief
description of the model physics is presented in section
2 with governing equations provided in appendix A.
A discussion of model calibration and of the differences
between the model used in this study and that of Zebiak
and Cane is also presented in section 2 and appendix
A. In section 3 we analyze the dynamical and ther-
modynamical evolution of a warm event in a standard
case which is representative of all model warm events.
Various sensitivity studies are performed in section 4,
which help to substantiate the conclusions of section
3. In section 5 we critique the results obtained and
discuss additional model experiments. The conclusions

- are presented in section 6.

2. Model deéc‘ription

The model consists of an ocean whose evolution is
treated prognostically, coupled to an atmosphere,
whose state is determined diagnostically at each time
step (Zebiak 1985; Zebiak and Cane 1987). Both the
ocean and the atmosphere are anomaly models about
a seasonally varying mean state which is described be-
low (all mean fields are interpolated at each time step
from the monthly mean prescribed values). The ocean
is forced by the anomalous wind stress, T, and the at-
mosphere is forced by latent heat release, which is a
function of the convergence of the wind field and the
SST anomaly. Both of the forcing terms are nonlinear.
The ocean model domain is a rectangular basin (30°N-
30°S, 124°E-80°W); the atmosphere is modeled on
an equatorial 3-plane (see appendix A).

The ocean part of the model consists of an upper
layer, topped by a fixed depth surface (mixed) layer,
overlaying a deep motionless layer. SST is calculated
separately and does not directly affect the ocean dy-
namics. The surface currents are driven by the wind
stress and retarded by Rayleigh friction. SST is changed
by (nonlinear) advection by surface currents, upwelling
and heat fluxes to the atmosphere. The upwelling is
prescribed in terms of the divergence of the mixed layer
currents and represents the entrainment into the sur-
face layer. The upper layer, which includes the surface
layer, is governed by linear shallow water wave dy-
namics. The mean state of the ocean SST is that given
by Rasmusson and Carpenter (1982, hereafter RC).
The mean upper layer currents are calculated by forcing
the model with the RC mean seasonal winds. With this
prescribed mean state, the ocean anomaly model gives
a reasonable composite El Nifio SST anomaly when
forced by the RC composite wind anomalies (see
below).

The atmospheric component of the model is the
simple linear two layer Gill (1980) model of a thermally
forced tropical atmosphere. The forcing of the atmo-
sphere depends on the total atmospheric convergence
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and the initial SST perturbation and is calculated it-
eratively (Zebiak 1986). There is no explicit time de-
pendence in the equations that define the atmospheric
variables; the atmosphere is treated as being in steady
state on the time scale of the ocean changes. When the
model atmosphere is forced by either the RC composite

SST anomalies or the 1982-83 Pacific SST anomalies, -

the surface wind anomalies in the equatorial band are
similar to the observed anomalies (Zebiak 1986). Sig-
nificant differences arise away from the equator at all
longitudes, and on the equator in the eastern Pacific
where the model produces easterly anomalies where
no anomalies are observed (Gill 1980; Gill and Ras-
musson 1984). The model equations are presented in
appendix A for completeness and to facilitate discus-
sion.

Following Zebiak and Cane (1987) and Zebiak
(1985), the atmosphere model was coded and cali-
brated. The uncoupled atmosphere model yielded re-
sults virtually indistinguishable from those of Zebiak
and Cane when forced with the RC composite El Nifio
tropical Pacific sea surface temperature anomalies
(SST) and the 1982-83 SST anomalies. The oceanic
model is virtually identical to that of Zebiak and Cane,
with the following notable exceptions: (i) the fictitious
meridional boundary “coastal” Kelvin waves are now
eliminated and (ii) a slightly different parameterization
of the subsurface temperature anomaly T is used [ 7
affects the ocean SST through upwelling (see section
3a)]. This model physics is summarized in appendix
A and comprises the “standard physics™ case 1, the
results of which are described in section 3. The full
model equations and the values of the parameters used
are listed in appendix A.

The uncoupled ocean anomaly model was tested for
the standard physics case by forcing the ocean with the
observed RC composite wind anomalies. The model
SST response, shown in Fig. 1, was then compared to
the composite SST anomalies. Since Zebiak and Cane
followed a similar procedure in calibrating the ocean
model, it is not surprising that the model SST response
is similar to the observations (except in the narrow
coastal band of Peru), and very close to those of Zebiak
and Cane. (Zebiak and Cane attribute the failure of
the model to produce a coastal warming prior to the
basin wide warming to inadequate coastal resolution
in the SST calculation.)

3. Dynamics and thermodynainics of a model ENSO

The ocean is initially perturbed by a prescribed zonal
wind anomaly patch in the western Pacific. The cou-
pled model is then run freely for 300 years. The inter-
annual variability for this run, which is characteristic
of the model in general, is summarized in the time
versus amplitude plots for the first 40 years of SST at
various locations in the basin (Fig. 2). For the standard
physics case, the amplitude (~1.5 m s™' wind and
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FG. 1. (a) The uncoupled SST anomaly in the Nifio 1 region for
the standard physics case ( dashed line) and the Rasmusson and Car-
penter (1983) composite El Niiio (solid line). (b) As in (a), but for
Nifio 3. In the model, Nifio | extends from 10° to 5° south, and 6°
offshore (to the equivalent of 87°W), and Nifio 3 covers the area
(5°S-5°N, 90°-150°W),

2°C SST anomalies) and period (3-4 years) of the in-
terannual variability are quite realistic. The model does,
however, have a penchant for regular and often periodic
behavior. The details of any two events may exhibit
subtle differences, but the spacing between events is
never less than 3 years or more than 4 years. The ir-
regular or aperiodic behavior obtained by Zebiak and
Cane after ~20 years of integration is not reproduced
(see section 5). ,

The evolution and horizontal structure of the SST
and wind anomalies (Figs. 2, 3) is similar to the ob-
servations and consistent with the uncoupled results
and those found by Zebiak and Cane. The maximum
SST and wind anomalies in the model are usually in
December-January, although the second maximum in
June-July is sometimes just as strong. The off-equa-
torial wind anomalies are unrealistically strong but this
does not effect the coupled response significantly, as is
demonstrated by a sensitivity study in which the at-
mospheric wind outside of the equatorial band was
suppressed (Fig. 2b). As noted by Zebiak (1985), the
SST anomaly tends to be too confined meridionally
compared to the observations. Finally, as noted by Ze-
biak and Cane, the warm events persist about three
months longer than the composite warm event. Model
cooling commences in July, whereas observed warm
events begin to subside in April.

We will now focus on the physical processes asso-
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FIG. 2. (a) The coupled model response for the standard physics case: Nifio 1 (solid line),
Nifio 3 (fine dashed line) and Nifio 4 (long dashed line) (Niiio 4 spans (5°S-5°N, 150°W~
160°E). (b) As in (a), but the winds beyond 5° of the equator are filtered to zero (case 11).

ciated with growth, peak and decay of a warm event.
We arbitrarily choose an event in the time series of the
standard physics case (case 1) and take a detailed look
at all of the thermodynamic and dynamic processes
that come into play during each of these stages. This
event is representative of all events (and thus the model
composite event) in the standard physics case.

a. The thermodynamics

The SST tendency is determined from the following
equation:

aT)ot = —u,- V(T + T)—&-VT
— 8[A(W; + wy) —~ A(W,)]0T/dz
~ 8A(W, + w1)8T/3z — o, T (3.1)

where T (T) is the anomalous (mean ) sea surface tem-
perature, ¢ is a thermal damping coefficient, w is the
anomalous surface layer upwelling (w; = H,V-u,),
@, and w, are the mean annual surface currents and
upwelling velocity, é is an efficiency coefficient, and A
is defined in (AS). The first two terms on the right-
hand side of (3.1) are the horizontal advection terms.
The third and fourth terms represent the effects of
anomalous upwelling in the presence of the mean ver-

tical temperature gradient, d7/9z, and the total up-
welling in the presence of the anomalous vertical tem-
perature gradient, d77/9z, respectively. The final term
is linear damping, which can be interpreted as the ten-
dency of T due to heat loss to the atmosphere. Each
of the terms in (3.1) is examined for areas in the basin
which correspond to the commonly used indices, Nifio
1 [10° south to the equator, and 6° offshore (to the
equivalent of 87°W)], Nifio 3 (5°S-5°N, 90°-150°W)
and Nifio 4 (5°S-5°N, 150°W-160°E) regions. These
areas are representative of the equatorial coastal eastern
Pacific, eastern Pacific and the central Pacific. Ras-
musson and Carpenter (1982) have used SST averaged
over these areas as an indicator of the oceanic inter-
annual variability. .
Following Zebiak (1985), the balance of terms in
the ocean thermodynamic equation (3.1) are plotted
in Fig. 4 for the period September of integration year
11 [denoted September(11)] through October(14).
This period spans the warm event centered on Janu-
ary(13). Time versus longitude plots of SST (Fig. 5),
upper layer thickness perturbation /4 (Fig. 6) and zonal
wind stress anomaly (Fig. 7) averaged for the equatorial .
band centered on the equator summarize this event
evolution. From October(11) to approximately Janu-
ary(12) the SST anomaly in the central/western Pacific
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is very small; none of the terms in (3.1) are significant
(Fig. 4¢). Through January(12) in the eastern and
central Pacific, warming is occurring due to radiative
effects and, in the eastern Pacific (Nifio 3), due to up-
welling on a weakened vertical temperature gradient
(Fig. 4b). In the first few months of year 12 the eastern
Pacific exhibits weak positive SST anomalies, which
develop due to both the upwelling term and, to a lesser
extent, horizontal advection (cf. Fig. 14a, b). Note that
the warming resulting from the upwelling term is due
to a weakening of the vertical temperature gradient
through an increase of the upper layer thickness # > 0
(interpreted as a deepening of the pycnocline) (Fig. 6)
while the total upwelling changes only slightly.

By June(12), the SST begins to rise at a much faster
rate in the eastern Pacific, primarily due to the increase
in the advective warming in the central/eastern Pacific.
Westerly wind anomalies are also reducing the up-
welling in the central Pacific and, combined with the
increased SST anomalies and the plateauing of the
subsurface temperature anomaly (i.e., /), act to keep
the vertical upwelling processes at the same intensity.
In the coastal regions, however, there are easterly
anomalies on the equator that give rise to stronger up-
welling on a weaker than normal vertical temperature
gradient (i.e., a warmer surface layer). It is this process
that is most effective in warming the coastal regions.
Note that at this time in the central/eastern Pacific
(Nifio 3; Fig. 4b), the advection terms act to warm
more efficiently as time progresses from April(12) to
September(12), due to changes in the mean upper layer
currents i1, and to the enhancement of favorable mean
horizontal SST gradients from the minimum in March
to a maximum in September. The relative importance
of the individual horizontal advection terms is exam-
ined in section 3c.

The processes that act to warm the SST in the cen-
tral/eastern Pacific and the central Pacific regions are
very different. The end result, however, is to produce
an essentially uniform growth in SST anomalies east
of ~140°W., In the western/central Pacific (Nifio 4;
Fig. 4c) the growth rate is much smaller because hor-
izontal advection is being opposed by net cooling due
to upwelling processes (positive but weak upwelling
where the net vertical temperature gradient is anom-
alously very strong). The anomalies grow and reach
their maximum amplitude in December(12) or Jan-
uary(13). From September(12) onward, growth is
being significantly tempered by thermal damping. In
addition, in the central and eastern Pacific advective
effects are weakening as spring approaches and the cli-
matological mean SST gradients approach their min-
imum. The subsurface temperature anomaly T is also
maximum in February(13) and hence the warming
due to upwelling in the presence of a weakened vertical
temperature gradient along the coast is now decreasing
in strength.

DAVID S. BATTISTI

2893

Progressing from spring to June(13) a secondary
maximum in SST anomaly occurs in the eastern Pa-
cific, which is primarily due to the enhancement of the
climatological mean currents, upwelling and horizontal
SST gradients. However, in June(13), there is a dra-
matic onset of cooling due to the anomalous vertical
advection. This happens because, although upwelling
is still small in this region, it is positive and increasing
rapidly in strength from March to September. In ad-
dition, the subsurface temperature 7 is decreasing since
the A perturbation is decreasing (Fig. 6). The net effect
is increasing upwelling on an increasing total vertical
temperature gradient and hence rapid cooling.

From the state of zero SST anomalies in October(13)
cooling proceeds rapidly east of the dateline, primarily
via the total upwelling in the presence of an anoma-
lously cold subsurface temperature (4 < 0). In the
western Pacific cooling commences as advection de-
creases in importance and eventually acts to cool as
the surface currents respond to the changing zonal wind
stress anomaly. The return to the mean state from the
maximum cold event is primarily due to thermal
damping in all regions and, away from the coast, due
to changes in the vertical thermal structure (i.e., /)
with strong upwelling (Fig. 4b, c). By the end of year
14 the system is in a state very similar to the one it was
in at the end of year 11.

b. The dynamics

To examine event dynamics, the ocean current and
upper layer thickness fields and the atmospheric wind
stress will be projected on the ocean orthogonal modes
(see Gill 1983, appendix B). This procedure is useful
since the ocean dynamics is acting as the memory in
the system (the thermal damping times of the atmo-
sphere (~2 days) and the ocean ( ~125 days) are much
shorter than the climate time scales of interest) and
the dynamical mode tracing is straightforward.

The model event discussed in section 3a is described
in terms of the amplitudes of the oceanic eastward
propagating Kelvin wave, ¢y, and amplitudes of the
long, westward propagating Rossby waves, g,,, m = 1.
It will be useful to note the following wave properties
described in more detail in appendix B. A positive, or
westerly, zonal wind stress anomaly forces a positive
eastward propagating Kelvin wave, and negative west-
ward propagating Rossby waves. A positive amplitude
Kelvin wave denotes a Kelvin wave with eastward cur-
rent anomaly and positive upper layer thickness
anomaly (4 > 0). The positive thickness anomaly is
interpreted as a downward perturbation of the pyc-
nocline resulting in a positive subsurface temperature
anomaly T;. So in the absence of any horizontal ad-
vection, a positive go will lead to a positive 7 that, in
the presence of mean upwelling, gives a surface warm-
ing. In the absence of wind forcing at the oceanic me-
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FIG. 3. The coupled mode! SST and wind anomalies for the standard physics case at the extremes
of a randomly selected event. (a) December, year 12. (b) January, year 14.

ridional boundaries, the sign of the wave amplitude is
retained when a wave is reflected at the eastern or west-
ern ends of the basin. Also, the higher the order of
Rossby mode incident on the western boundary, the
smaller the contribution to the reflected Kelvin mode.
On the western boundary reflection, only the gravest
two symmetric Rossby modes produce Kelvin waves
of significant amplitude (see appendix B, Clarke 1983).
Finally, for this model the Kelvin (gravest symmetric
Rossby) mode takes 68 (205) days to cross the entire
basin.

The amplitudes of the modes as a function of lon-
gitude are summarized in the “snapshots,” presented
at 60 day intervals, in Fig. 8. Note that the asymmetric
Rossby modes, m = 1, 3, 5, - < - are all very small in

amplitude because of the high degree of symmetry in
the basic state of the coupled system. ( The insignificant
amplitude of the odd modes allows us to contour the
modal amplitudes, rather than display ten line plots
for each snapshot. The former is easier to interpret
visually.) The Rossby waves are displayed only to
wavenumber 9, beyond which the modes greatly de-
crease in amplitude. In the model, higher order modes
do not seem to play an important role and these modes

are slowly propagating and easily dissipated (mode 7
has an e-folding decay scale comparable to the width
of the basin). For convenience, the longitudinal vari-
ation of SST, /4 and 7~ in the equatorial band are dis-
played below each modal snapshot.

The beginning of the sequence, December(11)
(model day 4360), corresponds to the last stages of a
dissipating cold event; SST anomalies are weak and
negative across the equatorial Pacific, while zonal wind
stress anomalies, 7%, are also small and easterly. The
upper-layer ocean thickness, or model pycnocline
anomalies, are weak and positive across the equatorial
band except in the eastern Pacific. There are positive
amplitude Rossby modes to the west of the dateline
which are heading for the western boundary (Fig. 8a).
By January(12) the gravest mode symmetric Rossby
wave has reached the western boundary and is pri-
marily responsible for the reflected downwelling
(warming) Kelvin wave in the central Pacific (Fig. 8b,
¢). The 7* anomalies in the central Pacific have now
disappeared in the equatorial band west of 140°W. The
pycnocline is everywhere deeper than the mean value
in the equatorial band. The SST anomaly is negative
across the equator, except from 180°E to 140°W where -



15 OCTOBER 1988

DAVID S.

BATTISTI 2895

t=5130 ANOMALOUS WINDS 20 JANUARY (14) o
30- :
VA
- 7 3
20 = 73 20
-~ 7 —
- - -~ - 7 /, / .

- . = o - 7, 7 7 ]
CZ 7 Z % G b T
- i 7 { / / ( f 3

o - \ ! \ :
o-F 2 2 N ~ ~ ~ N do
E S A A 3

_: - : : \ ) i ] —110
104~ Ty S O U S
; N ~ N N\ N\ ~ A
~ N > N =
C ~ ~ ~ ~ ~
20+ ~ N = :: : +20
= T3 3 7
30- 30
140E 160E 180E 160W 140W 120W 100W
t=5130 ANOMALOUS SST 20JANUARY (14)
30 _< 30
- o E
10 J: “ )10
[ 0.0 "—*\0.0
0-F
10+
204
-
30- T40E T60E T80E T60W 140W 120W 100W -30
0.200E+01
VOIDIOMVBSToR

F1G. 3. (Continued)

it is small and positive (~0.1°C) (Fig. 8b, c¢). This
warming is due to the Kelvin wave depressing the pyc-
nocline hence relaxing the vertical temperature gradient
and the strength of the upwelling (Fig. 4b). The wind
response to the initial warming in the central Pacific
helps confine the SST anomaly in the zonal direction:
easterly anomalies to the east of the SST maximum
cause a local (140°-100°W) increase in the easterly
wind stress anomaly that strengthens upwelling and
acts to cool this region (Fig. 8c). Additionally, the
easterly 7 in this region tends to reduce the amplitude
of the Kelvin wave as it propagates from the west into
this region. In fact, the increase in Kelvin wave am-
plitude due to positive 7* west of the SST maximum
is well balanced by the easterly 7~ east of the SST max-
imum. The net effect is a slowly propagating Kelvin
wave pulse along the equator from about March(12)
at 160°W to June(12) at 120°W (~% m s™!) at con-
stant amplitude (Fig. 9a; 8c, d). This propagation is
also discernible in the 7™ anomaly (Fig. 7). Note that
during this time the rate of warming is slow enough
that the heat loss from the ocean to the atmosphere is
significant in regulating the growth. This “tug of war”
continues until, in late summer, the horizontal mean

SST gradients and mean current and upwelling fields
have increased enough to augment the warming due
to the downwelling Kelvin waves produced by the
westerly wind stress anomaly. As August arrives (Fig.
8e), the horizontal mean SST gradients are very strong,
the mean currents are oriented in a favorable sense
and thus the rate of warming increases dramatically in
the far eastern basin. Additionally, the mean upwelling
in the east is increasing in strength at this time and
thus the rate of warming increases for the same anom-
alous pycnocline depression. Warming occurs at a rapid
rate throughout the eastern part of the basin. The in-
crease in the SST gives rise to a westerly wind stress
anomaly across the entire basin (except on the coast),
which further forces downwelling eastward propagating
Kelvin waves (July(12), Fig. 8e). Growth of the
anomalies due to this coupled atmosphere-ocean in-
stability continues through the fall as growing SST
anomalies throughout the east produce strong westerly
wind anomalies across the Pacific from the date line
to about 100°W. :

As the 7* gains strength in the central and eastern
Pacific, Kelvin waves increase in amplitude and prop-
agate to the eastern boundary where they are reflected
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FIG. 4. The balance of terms in the SST tendency equation (3.1) for (a) Nifio 1, (b) Nifio 3, and (¢)
Nifio 4. Horizontal advection —u,+ V(7T + T) — ii, - VT (solid line), anomalous upwelling on the mean
vertical temperature gradient —5[ A(w; + w;) — A(W,)]87/3z (short dashed line), upwelling on the anomalous
vertical temperature gradient —3A(w, + w;)d7/dz (long dashed line), total SST tendency 87/t (dotted
line) and thermal damping a,T (dash-dot line) are plotted vs time. Units are in °C/ 10 days.
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in the form of westward propagating (positive ) Rossby
waves (September(12), Fig. 8e-f). This wind stress also
forces negative Rossby waves in the central (180°W)
Pacific which are increasing in amplitude in time from
August(12) to May(13) and propagating to the western
boundary (to a large extent) freely (Fig. 8f-j; 9b). These
Rossby modes are reflected, producing negative Kelvin

waves that propagate eastward, decreasing the upper
layer thickness as they propagate into the central basin
(November(12), Fig. 9). As the Kelvin fronts enter °
the central basin, however, they encounter westerly
wind anomalies, which severely reduce the wave am-
plitude and prevent the Kelvin waves from reaching
the eastern Pacific, where they would otherwise have

STRESS ANOMALY AVERAGED 28 TO 2N
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Fi1G. 7. A time vs longitude plot of the nondimensional zonal wind stress 7* anomaly averaged
2° latitude about the equator for the standard physics case. 100 units is approximately 0.1 dyn

cm™?
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the maximum cooling effect. (For the same & pertur-
bation the subsurface temperature anomaly is greatest
in the east where the upper layer is shallowest in the
mean; pycnocline perturbations in the central and
western basin have little affect on the SST.) But as long
as the strong westerlies prevail in the central Pacific,
negative Rossby waves are being produced in the cen-
tral Pacific and hence a constant supply of upwelling
Kelvin waves coming off the western boundary. It is
the slow erosion of the central Pacific h anomalies (i.e.,
reduction of the T via the Kelvin waves propagating
Jrom the western boundary) that acts to erode the warm
event. The encroachment of negative Kelvin waves
from the date line in March(13) (Fig. 8i) to 140°W in
July (Fig. 8k) is at the rate of about 1° longitude per
3 days, or 20 percent of the free wave speed. These
Kelvin waves prevent the warm event from growing
to large amplitude by increasing the net vertical tem-
perature gradient and thus counteract the effects of the
surface westerlies that are producing the anomalous
warming.

The eastern boundary dynamics are decoupled from
the equatorial dynamics to the west of ~130°W be-
cause the Rossby waves leaving the eastern boundary
as a result of Kelvin reflection immediately encounter
unfavorable westerly winds (west of ~100°W). They
lose amplitude quickly and effectively remain trapped
along the eastern boundary: there is essentially no
westward progress in the g, mode from November(12)
to July(13) (the time a free mode ¢, would have crossed
the basin) and the higher modes stack up at ~110°W
(Fig. 8g-k; 9b).

As the warm SST anomaly is slowly eroded by the
reflected Kelvin waves (and thermal damping) the
zonal wind stress anomalies 7* begins to decrease in
magnitude (July(13), Fig. 8k), allowing the Kelvin
waves emanating from the western boundary to prop-
agate even farther into the eastern Pacific before sig-
nificant amplitude reduction occurs. When the up-
welling Kelvin waves reach the far eastern Pacific [east
of ~140°W; August(13), Fig. 81], the resultant cooling
becomes most efficient, since the thermocline in this

region is nearest the surface (the depth of the model .
thermocline decreases monotonically from west to east
on the equator). With rapid cooling commencing in
the east, the westerly wind anomalies are reduced, and
the Kelvin waves from the west are seen to quickly
(freely) propagate across the entire basin [Novem-
ber(13); Fig.f 81-n, 9a]. These waves act to shoal the
ocean upper layer everywhere on the equator rapidly,
and hence create cool SST anomalies by (mean) up-
welling of anomalously cold subsurface waters. The
cold SST anomalies [ December(13)] give rise to east-
erly wind anomalies across the equatorial band and
hence increase the upwelling of anomalously cold sub-
surface water and produce upwelling Kelvin waves in
the east (Fig. 8n, 0). Through this combination of pro-
cesses, cooling continues rapidly through January(14).
As the easterly wind anomalies build, positive
Rossby waves are forced in the central Pacific
(March(14); Fig. 80, p) that propagate nearly freely
(Fig. 9b) and reflect off the western boundary
[July(14); Fig. 8q], sending Kelvin waves back into
the central basin, which help increase the upper layer
thickness (and hence to warm the surface waters). Both
the wave induced warming and thermal damping ef-
fects help to bring the thermal structure of the ocean
back to a zero anomaly state. ‘
Thus, the brake on the warm event and the subse-
quent decay of the warm event is brought about by the
upwelling Kelvin waves that arise as a result of the
reflection of the negative Rossby waves generated in
the central Pacific by the initial warm event itself. To
a certain extent this negative feedback also applies to
the cold event: i.e., reflection of positive Rossby waves
from the western boundary act to oppose the cooling.
However, the downwelling Kelvin waves are not the
dominant process that returns the system from the cold
state to the mean state, because the amplitudes of the
Rossby waves forced by the cold event are smaller than
their counterpart in the warm event (cf. Fig. 8j vs 8p).
This asymmetry is primarily a reflection of the fact
that the cold event is not as extreme as the warm event.
(The atmosphere produces somewhat stronger wind
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(b) gravest mode symmetric Rossby ¢,,-; mode.

stress anomalies for positive SST anomalies than for
negative anomalies of the same structure because of
the nonlinearity in the Clausius-Clapeyron relation-
ship. Also, in the ocean thermodynamics it is assumed
that, other things being equal, a deep # anomaly pro-
duces stronger heating than a shallow 4 anomaly.) The
primary warming mechanism is thermal damping of
the cold anomalies (and to some extent dynamical

friction slowing the system down). These latter two
processes are not as efficient as the wave induced SST
changes. Hence, consistent with the observations, the
cold events decay to the mean state more slowly than
the warm events, which are terminated by dynamical
processes more than by thermal damping. Note that
the return to the mean state is fast enough so that some
positive Rossby wave debris still exist in the western

[
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FIG. 10. The contributions to the heating rate due to the horizontal advection terms (solid line) —u;3( T+ T)/dx,
(short dashed line) —v; 6( T+ T)/8y, (long dashed line) —#,87/3x and (dotted line) —vlaT/a y for the standard case
physxcs event described in section 3. Panels are for the Nifio indices 1, 3 and 4. Units are in °C (10 days)™".

Pacific (Fig. 8r). These waves will be reflected at the
western boundary and send a small amplitude positive
Kelvin wave across to the central Pacific, which be-
comes the trigger signal for the next warm event, much
like the one that triggered the event (in spring of year
12) just examined.

¢. Horizontal advection and SST

We explore the effects of the horizontal advection
on SST by first examining the' individual horizontal
advection terms in equation (3.1):

—u*V(T+7T) and —u,-VT.
The first term is the anomalous advection of the total
{mean + anomalous) SST gradient by the anomalous
current, and the latter is the mean advection of the
anomalous SST gradient by the mean current. These

two terms are displayed in Fig. 10 for each of the Nifio
boxes for the standard physics case event examined
above.

In the central Pacific (Nifio 4) where advective pro-
cesses are primarily responsible for the heating during
the rapid growth of the warm SST anomalies (July-
September(12), Fig. 4c) most of the advective heating
is due to the advection of the anomalous SST gradient
by the mean zonal current % dT/dx. At the event peak,
advection is dominated by u,8(T + T)/dx. This latter
term also tends to cool during the cold event.

The dominant horizontal advection process in the
eastern Pacific (Nifio 3; Fig. 10b) is the mean merid-
jonal advection of the anomalous temperature gradient
©,87/dy, which acts to warm during instability growth.
9,8T/0y exceeds #,dT/dx because, although |7;|
< ||, |9T/3y| » 13T /dx| (to some extent v,0T/
dy appears to dominate u,d7/dx because of the box
dimensions; ¥; ~~ 0 on the equator). The sharp me-
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‘ TABLE 1
Case Description Comments

1 Standard physics (SPC) 3 or 4 year period;
quasi-regular
events

2 No western boundary uncontrolled growth

3  No seasonal cycle (NSC) periodic 3.47 year
events

4 VT=0 no interannual

variability
warmer, longer event
smaller amplitude

event than SPC
no interannual

5  SPCand 87/ax = 0 for ¢t > Jan(12)
6 SPC and 97/dy = 0 for ¢ > Jan(12)

7 SPCand®,=0fort=0

variability
8 SPCand %, = 0 for ¢ > Jan(12) no interannual
: variability
9 NSCand 4, = 0 for¢> Jan(12) as in case 3

10  Filtered off-equatorial winds 3-4 year period;
regular events

periodic 4 year
oscillation

11  Meridional boundary Kelvin
waves included

DAVID S. BATTISTI

ridional gradient d7'/8y is formed because the processes
affecting SST occur on the same meridional scale and
are closely trapped along the equator. Since SST
anomalies are controlled by upwelling (to a large ex-
tent) the distribution of the SST depends on the form
of the initial subsurface temperature perturbation T
.and upon the horizontal structure of the upwelling.
The maximum warming due to the depression of the
pycnocline (i.e., increasing T) occurs along the equa-
tor, where the upwelling is strongest. Furthermore, T
perturbations are created by ocean waves that are
closely trapped about the equator (the equatorial
Rossby radius of deformation is approximately 350
km). Hence, temperature anomalies produced through
upwelling are strongest on the equator and decay rap-
idly in the meridional direction.

Along the coast in the eastern Pacific (Nifio 1, Fig.
11a), advective processes are important but not dom-
inant in determining SST amplitude (Fig. 4a). In this
region v,0(T + T)/dy ~ v,dT/dy is the principal ad-
vective heating process during a warm event.

When the seasonal cycle is removed (case 3, section
4b) the breakdown of the horizontal advection terms
described above yields the same conclusions as for the
standard physics case.

4. Sensitivity studies

In this section we present a series of experiments to
further refine the results of section 3, as summarized
in Table 1.

a. The role of the western boundary

For all the warm events in the standard physics case,
the Kelvin wave generated by reflection of Rossby

2903

waves off the western boundary appears to be the pri-
mary mechanism that arrests the warming and ulti-
mately terminates the events. Removing the western
boundary in the ocean (i.e., allowing no reflection on
the western boundary) provides a good test of this hy-
pothesis. The results of such a model run (case 2) are
displayed in Fig. 1la (all other parameters and the
physics are those of the standard physics case). By re-
moving the western boundary, hence providing a semi-
infinite basin, the instability now grows very rapidly
and very large values of SST result (5°-7°C anomalies
in the eastern Pacific). The instability growth rate is
increased dramatically relative to the standard case
from July onwards. After two years a mean warm state

“has been established: the assumption of an anomaly

model is unwarranted. Perturbations about the “mean”
anomalous state are due to the seasonal-cycle basic state
variations. Clearly, reflection from the western bound-
ary is responsible for the reduction of the instability
growth and the eventual termination of the warm event.

b. Seasonal cycle effects

There has been much discussion as to the importance
of the seasonal cycle in the phase locking of ENSO
events. In case 3 the seasonal cycle was removed by
simply time averaging the annual cycle of both at-
mosphere and ocean. The mean basic state is thus
steady in time but inhomogeneous in space. A plot of
the Nifio indices of the first 6000 days for this exper-
iment is shown in Fig. 11b. The interannual variability
is almost exactly periodic: the time interval between
events is 3.47 years. Events are slightly larger in am-
plitude because there is always substantial mean up-
welling and VT in the basic state. With the seasonal
cycle included there is a reduction in the warming due
to decreasing advective processes in the early spring.
The dominant thermodynamic and dynamic processes
that control the events are the same as the standard
physics case at all stages. In general, the magnitude of
the SST tendency terms and wave amplitudes increase,
though the increase in the vertical advection processes
is larger than the increase in the horizontal advection
processes in driving the SST anomalies. The rather si-
multaneous development of the SST perturbations east
of the dateline is also consistent with the standard
physics case. The time elapsed from peak warm event
to peak cold event is about one year, similar to the
standard physics case.

¢. The importance of horizontal advection
1) THE ROLEOF VT

- We noted that for the standard physics case
1,07 /3y provides the main contribution to heating
via horizontal advection in the growth of a warm event
in the eastern Pacific, although u,8(T + T)/dx (pri-
marily ©,dT/3x) contributed about 30% to this warm-
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FIG. 11. Plots of the SST indices vs time for various experiments. Panel (a) is for case 2, (b) case 3, (c) case 5, and (d) case 8 (see table
1 and text for case description). In each panel, the curves are for Nifio 1 (solid line), Nifio 3 (fine dashed line) and Nifio 4 (long dashed

line) index.

ing (Fig. 10b). In the far eastern Pacific (Nifio 1), v, (T
+ T)/dy is the important advective term and indeed
dominates the heating after the initial instability growth
[September(12)]. One might think that the growth rate
of the instability would be highly sensitive to the
strength of the basic state mean gradients VT and to
the zonal flow u;. '
The standard physics case was re-run with the mean
VT set to zero (case 4) (i.e., case 1 with VT = Q). After
the initial instability growth the anomalies collapse.
So, although the u; - VT term does not appear as the
dominant advective heating term, it must produce es-
sential warming after the initial growth period of the
instability. We reran the standard physics case with
9T /dx set to zero beyond 1 January of year 12 (when
the system is essentially quiescent) (case 5). The re-
sultant instability growth to September(12) proceeds
indistinguishably from that of the standard physics case
(Fig. 11c, 12). It is interesting to note that in the fall
[Sep(12)-Feb(13)], the heating in the western/central
Pacific for the standard physics case is principally due
to u,97/dx. Without this process there is no heating
in the central Pacific (Nifio 4; Fig. 11¢) and the event
becomes more confined to the eastern Pacific. Thus,
the wind anomalies are confined farther to the east and
the centroid of forcing of the westward propagating
Rossby waves that act to shutoff the event is now lo-
cated some 20° farther east. Therefore, the reflection
from the western boundary is delayed by roughly 40
days for the gravest Rossby mode, so the event can

grow longer before the dynamically induced shutoff
comes into play. In addition, the SST is now more
confined to the eastern part of the basin. Hence, the
anomalous downwelling acting on the mean d7/9z
gradient is enhanced in this region (westerly 7~ creates
downwelling along the equator). These two effects
combine to allow tremendous growth in the spring and
summer months of the following year (13), prolong
the warm event into the next year [spring, year(14)],
and lengthens the period of oscillations.

Neglecting d7/dy in the basic state during the period
of instability growth gives a much different result, as
was expected on the basis of the standard case ther-
modynamic analysis (Fig. 10). The standard case was
rerun again, this time zeroing 47°/9y from January(12)
on (case 6). In the fall in the standard case the merid-
ional advective heating is dominating the SST growth
in the far eastern (coastal) Pacific via v,87/dy along
the coast. This term acts to spread the SST anomaly
rapidly eastward (and southward off of the equator)
since 7/t is now much larger in the east. Without
9T /9y this rapid growth can not occur; the SST anom-
aly on the coast peaks earlier and attains a smaller am-
plitude than in the standard run. The maximum SST
anomaly in both cases is attained at 110°W but in'case
6 the warm flat tongue of SST does not extend south
of the equator as in the standard case (Fig. 3a).

Hence although VT is not essential for initial insta-
bility growth, it is crucial in determining the eventual
outcome of the instability. Without 87/dx, growth

\
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' FIG. 12. The SST tendency terms for case 5 (curves as in Fig. 4).

proceeds unaffected until the warm event is established
[December(12)] where the event history diverges from
the standard case.

2) CASE7 AND 8:1; =0

Since the maximum growth of the warm event is
produced through the advection of the anomalous 47"/
dy by the time mean meridional current, we expect a
substantial decrease in growth rate if we set D, to zero
in the standard physics case. Indeed when this is done
(case 7) there is no instability growth after the initial
kick. Hence, advection by the mean meridional current
plays a crucial role in the interannual variability of this
model. After the onset of the instability [January(12)-
spring] the additional warming in the eastern Pa-
cific is primarily due to the meridional advection
0,07/dy. The physical significance of this term is as
follows. The initial instability growth is characterized
by small amplitude Kelvin waves which emanate from
the region of instability. These waves propagate east-
ward, depressing the model pycnocline in the process,
with a latitudinal dependence approximately given by
exp(—y?/L?), (L = (2¢o/B)'? ~ 350 km). The
depression of the thermocline generates a subsurface

temperature 7, anomaly initially which, because of the
mean upwelling, generates SST perturbations of the
form

Wy aT

H] 82 H

Since W, is peaked very near the equator and
hoc exp(—y?/ L?)the heating is centered on the equator

Mg
1T A, unct(h, k).

_ and decays rapidly with distance from the equator. The

mean meridional current is poleward and antisym-
metric about the equator, with an amplitude decay scale
of about 5° latitude. Thus wave perturbations will ef-
ficiently cause a heating in the equatorial band which
will be spread meridionally via

The net heating is caused by the vertical advection on
the equator (without this source, meridional advection
would produce little heating in boxes centered on the
equator). To assure that this result is not dependent
on the subtleties of the initial kick, we calculated again
the standard physics case, zeroing ¥, from January(12)
on (case 8, Fig. 11d). After the initial instability growth
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provided by the vertical advection (spring of year 12)
there is no process now available for warming in the
central Pacific and the event never really gets estab-
lished except in the narrow coastal band. The ampli-
tude of the event in the eastern and central Pacific is
very weak (<0.5°C). The decay is gradual and the sys-
tem returns to normal.

Zeroing the mean zonal upper layer current i, (case
9) in the time mean basic state did not yield a model
response substantially different from that in case 3 or
case 1, consistent with the conclusions from the analysis
of the horizontal advection terms for the standard
physics case.

d. The instability mechanism

During initial instability growth, January(12)
through June(12), horizontal advective processes are
unimportant in the model response. The instability re-
sponsible for the warm SST anomalies in the central/
eastern Pacific (~ 140 W) involves upwelling on a de-
creased total (T + T)/9z (i.e., depressed pycnocline).
Since there is strong upwelling on the equator and w,
> |w| at this time, the SST is determined by

a,T + 8T /6t ~ —Ww,dT/dz = —b 7‘;—‘ (T~T)
: 1

Wi Wy
—~ T+ 66—
H, H,
The latter function describes the subsurface tempera-
ture anomaly, Ty, in terms of the total upper layer
thickness [see (A13), appendix A} and can be linear-
ized to :

=5 Func(A(x), &).

aT/ot =~ 6 —L g(h)h — (as + 5—)T
H,

= Krh — a*T 4.1

where Kr = daw,/ H, and a* ! is an effective damping
time (a* = a;+ 6 Wi/ H,). The strength of the heating
due to a pycnocline perturbation 4 = kA, compared to
the cooling due to the damping, a*T, for a reference
temperature of 7 = T, = 1°C is a good indicator
of the basic state potential instability, I(x, y, ?)
=K The / a* Te . .

- The simplest interpretation of 7 is as follows. Ne-
glecting all other processes that change SST, and start-
ing at an equilibrium SST distribution, say 7 = 0, I is
proportional to the initial growth rate of SST due to
an initial fixed pycnocline perturbation, h = 4,. Hence,
the larger I, the faster the growth rate. Equation (4.1)
has the following solution:

. " . ¢!
T(t) = e“"L Krh.e“dt’ where &= J; a*dt".

For w; constant in time, this reduces to the simple
expression
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Krh,

o*

T =

(1 - e~

from which we see that I is also proportional to the
maximum obtainable T for the given /. perturbation.
We can see from Fig. 13 that the maximum insta-
bility growth (warming) is in the early boreal fall and
the minimum is in the spring. For modest A pertur-
bations (2 meters) in the spring, the resulting rate of
amplification Krh, is comparable to the dissipation rate
o*T for T = 0.25°C. In the model, weak SST pertur-
bations are generated in January(12) (Fig. 14a). The
resulting wind perturbations force downwelling east-
ward propagating Kelvin waves which produce further
warming as they propagate eastward (Fig. 14b). How-
ever, the growth rate of the instability is limited because
the mean state is becoming less unstable as the season
progresses. Hence the positive feedback effects are re-
duced. Since the far eastern Pacific can support prac-
tically no growth at this time, the anomalies grow at a
very modest rate until mid April (Fig. 14c) when the
vertical warming terms are at the minimum but the
horizontal mean current # is building rapidly to help
in the warniing throughout the eastern Pacific. As we
progress into mid-May (Fig. 14d) vertical heating be-
comes more efficient (see Fig. 13) and the pycnocline -
is deepening in the eastern Pacific. Combined with the
advection by the mean meridional flow, heating pro-
gresses rapidly in the eastern basin and spreads signif-
icantly northward of the equator for the first time. By
taking out the seasonal cycle (using the time mean
annual basic state) the growth rate of the instability is
more continuous and increases by a factor of two.

e. The effect of off-equatorial winds

The atmosphere component of the coupled model
is known to give reasonably realistic wind anomalies
only in a narrow equatorial band (about 5° latitude
about the equator) when forced by observed monthly
averaged SST anomalies (cf. Gill and Rasmusson 1984;
Zebiak 1986). Outside of the equatorial band and in
the far eastern Pacific, the model wind anomalies do
not resemble those observed. Fortunately, the ocean is
most sensitive to wind stress anomalies in a narrow
band about the equator (defined by a couple of ocean
Rossby radii) so these off-equator winds should not
present a problem in terms of describing the evolution
of an ENSO event (off-equatorial wind forcing of the
ocean may influence the timing of the next event,
though).

To test this conjecture we reran the standard physics
case with the model winds beyond 5° latitude sup-
pressed so as not to effect the ocean response (case 10).
For each time step the wind anomalies are calculated.
When the ocean response was calculated for that time
step, however, winds beyond 5° from the equator are
filtered linearly to zero by 8° latitude). The Nifio in-
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FIG. 13. Plot of the annual cycle basic state potential instability index
[wa(h)h.6/H,]/a*T. for h, = 2mand T, = 1°C.

dices (Fig. 2b) indicate that the basic features of the
model interannual variability are unchanged from the
standard physics case: there is still a 3 or 4 year period
between regular warm events. The dynamical and
thermodynamical processes for case 10 are also very
similar to those of the standard case.

[ Effects of the latitudinal boundaries

The ocean model is on an equatorial 8-plane: per-
turbations are required to decay sufficiently as y = oo.
However, to facilitate the numerical solution the ocean
is confined between latitudinal boundaries at 30°N and
30°S. These boundaries are sufficiently far away so that
equatorial disturbances are indeed equatorally trapped
away from the boundaries. However, there can be large
amplitude westward propagating Kelvin waves along
the latitudinal boundaries which result from the
“coastal Kelvin waves” which instantaneously prop-
agate along the eastern boundary from the equator to
the latitudinal boundary. These waves must be re-
moved from the solution as they can feedback into
equatorial regions via the western boundary (reflection)
condition: '

+yn
f “u(x=x,)dy=0.

—Vs

4.2)

These Kelvin waves are confined to within a small
coastal Rossby radius c¢y/f but can have significant
contributions to the integral (4.2), as the amplitudes
can be large (1 m s™!). These fictitious meridional
boundary waves can dramatically change the nature
of the model interannual variability if they are not re-
moved, as demonstrated by repeating the standard run
and including the boundary Kelvin waves in the so-
lution (case 11), using the western boundary condition
(4.2) in place of Eq. (A14). We find that, using (4.2),
the quasiperiodic interannual variability described in
the standard physics run becomes periodic, 4 year os-
cillations.

5. Discussion
a. Importance of the western boundary

We have stressed the important role of the western
boundary in retarding the growth of a warm event,
returning the system to near its climatological mean
and finally plunging the coupled system into the cold
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state. The dynamical and thermodynamical analysis
of a representative cycle shows that it is the Rossby
waves forced by the warm event itself in the central
and eastern Pacific that bring about the demise of the
warm event, The gravest symmetric Rossby waves re-
flect from the western boundary, thereby producing
upwelling Kelvin waves that propagate eastward, cool-
ing the central and eastern Pacific. The fundamental
importance of this process was demonstrated by per-
formmg a simulation in which rapid growth occurred
in the absence of the western boundary

Yet how realistic or efficient is western boundary
reflection of equatorial Rossby waves in the actual ge-
ometry and hydrographic conditions of the Pacific
Ocean? The ocean dynamic response is represented by
one vertical mode with a constant phase speed every-
where. The real hydrographic structure of the Pacific
indicates there is tremendous longitudinal variation in
the free mode speed, increasing from east to west. In
addition, wave-wave and wave-mean flow interactions
should be significant in the tropical Pacific (McPhaden
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F1G. 14. SST for the standard physics case for (a) ¢ = 4400, (b) 4440, (c) 4480 and (d) 4520 days. Contours of 0.1°C.
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et al. 1986) and there is observational evidence that
higher order dynamic modes are of substantial ampli-
tude (Bigg and Blundell 1988). Apart from these ef- .
fects, there is nothing like a straight meridional bound-
ary for the western Pacific. New Guinea, Irian Jaya,
Maluku and the connected islands do form a reasonable
boundary to the gravest mode waves in the equatorial
ocean. The orientation of the barrier is far from me-
ridional,; it extends from 150°E at 10°S to ~125°E at
10°N [the slope in the equatorial band is  ~ tan™'(20/
15)]. Cane and Gent (1984) provide the theoretical
background for interpreting the effectiveness of this
boundary in reflecting incoming long equatorially
trapped Rossby waves. Since we are interested in the
wave reflection on long time scales (periods longer than
a few months), equation (13) of Cane and Gent
indicates that the reflected Kelvin wave produced from
the gravest mode symmetric Rossby wave (m = 2) will
be reduced by less than 30% in amplitude and 50% in
energy. The gravest mode asymmetric (m = 3) reflec-
tion will reduce some of this amplitude loss by pro-
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ducing a Kelvin wave of small amplitude (since the
incoming amplitude is small, cf. Fig. 8) and of same
sign as that from the m = 2 reflection (with a purely
meridional boundary there is no reflection of the m
= 3 mode). The reflection of the » = 4 mode produces
a very small Kelvin signal with a meridional boundary
(see appendix B). With a very sloped boundary like
that in the western equatorial Pacific, the amplitude of
the reflected Kelvin wave remains small in amplitude
but changes sign. The net result of the low frequency
reflection off such a sloped boundary is thus about a
20%-40% reduction in reflected Kelvin wave amplitude
relative to that which would be achieved if the bound-
ary were on a meridian. Note that to a certain degree
there is a minor phase shift with this reflection, as the
m = 3 mode moves at ~60% the speed of the m = 2
mode. Presently we know of no observational study
which would confirm or eliminate the possibility of
clean or efficient reflection in the western tropical Pa-
cific. Our results indicate that it is potentially a very
important mechanism in determining the character of
ENSO events and suggest the need for a thorough ob-
servational study to help answer this question. How-
ever, given the severe requirements on a dataset for
even identifying freely propagating waves, not to men-
tion adequately representing the wind field and hydro-
graphic structure throughout the western Pacific, a rea-
sonable first approach is to analyze an ocean ENSO
simulation using a complete ocean GCM with realistic
boundaries.

McCreary and Anderson (1984) also note the im-
portance of the western boundary reflection of the
tropical Rossby waves in a simple coupled ocean-at-
mosphere model. The interannual variability that re-
sults in their model is dependent upon the existence
of two (assumed ) equilibrium states for the ocean, and
a seasonal cycle in the zonal wind stress. The mecha-
nism controlling our event is much different than en-
visioned by McCreary and Anderson. We can under-
stand this difference in light of their model assumptions
and results.

McCreary and Anderson represent the ocean dy-
namics by the gravest mode linear model similar to
that used here. The atmosphere is entirely empirical,
with a set zonal wind stress, 7°, to represent a harmonic
seasonal cycle. The anomalous wind stress depends on
the state of the ocean on the eastern boundary. When
the thickness of the upper layer on the eastern bound-
ary, A,, is less than some critical value, A&, (e.g., in a
cool state) a patch of zonal easterly wind stress, 7%, is
switched on in the center of the ocean basin. Thus
there are two possible equilibrium states—a warm state
and a cold state. The seasonal cycle, if sufficiently
strong, prevents the coupled system from achieving ei-
ther steady state and is the sole reason for interannual
variability to exist in their model. Interannual vari-
ability is produced via the slow subtropical Rossby
waves in the ocean. This requires multiple reflections
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from both meridional boundaries. In our results the
seasonal cycle is not essential to produce interannual
variability (cf. case 3); there are not multiple (stable)
stationary states. This can be understood in terms of
McCreary and Anderson’s atmosphere parameteriza-
tion and choice of ocean mode speed, ¢co = 1.25ms ™.
Since 7% acts as a switch, this produces a jolt to the
system and, via the Kelvin wave initiated in the central
basin, the system moves away from the triggering state
(h = h,)in just a few months time. In fact, A4, overshoots
the equilibrium state for the new wind configuration,
The time it takes to reach this new equilibrium depends
critically on co. For smaller values of ¢q, the equili-
bration time is longer so the event lasts longer before
the seasonal cycle can again perturb the system beyond
h.. Note however if ¢ is large that the equilibration is
fast. For realistic first mode co and a basin the size of
the Pacific the equilibration is underway as fast as 9
months (co = 2.9 m s™'). Additionally, in the real at-
mosphere 7% is gradually increased; the system leaves
the 4, slowly. The unchecked growth for the Pacific,
as seen in Fig. 11a, is at least a year for the maximum
amplitude to be achieved. Hence, in the Pacific equil-
ibrating effects happen on time scales comparable to
the growth rate of the anomaly and on time scales faster
than the annual cycle. This is why two equilibrium
states can not exist. The equilibration is done by one
set of reflections of the gravest-mode symmetric Rossby
waves from the western boundary; the effects of which
dominate the seasonal cycle modulation postulated by
McCreary and Anderson. (Recall that the seasonal cy-
cle acted only to quantize the period of the event to 3
or 4 years, which brackets the natural period of 3.47
years.)

If the western boundary is indeed the key to the ter-
mination of a warm event in nature, we would expect
that the larger the distance from the western boundary
from the center of the wind forcing (X.), the more
time the anomalies have to grow and hence the larger
the event amplitude. If the anomalies grow sufficiently
rapidly, or sufficiently far to the east of the western
boundary, the waves may not cut off the event as
quickly. We saw that this was indeed the case when we
removed the mean zonal temperature gradient (case
5), which essentially moved the center of action of the
ENSO event farther east. The resulting event was pro-
longed through the next year before decaying via the
reflected wave process. Both length of the event and
period between events was altered. On the other hand,
if X, is smaller, the waves will be more effective in
controlling the instability. In the Pacific the time for
the Rossby wave to travel from the center of action
(~140°W) to the western boundary and for the Kelvin
wave to be reflected back into this region is 4 X,/ cg, or
approximately 170 days. If X, is sufficiently small, any
instability which begins to grow will be quickly de-
stroyed via the wave reflections. In the Atlantic Ocean,
X, can be no larger than the basin width ( ~6500 km)
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and hence instability growth is quickly suppressed (the
wave circuit time is <100 days). Essentially the ocean
has time to equilibrate dynamically before substantial
instability growth can occur. These conclusions are
confirmed in a series of runs of the model in which the
basin width is varied by changing the location of the
western boundary (see Battisti 1988; Battisti and Hirst
1988). Finally it is clear that the demise of the warm

- event is a dynamical process. As Anderson and
McCreary (1985) conclude, there do-not appear to be
two steady (or stationary unstable) states in the coupled
system. Philander’s (1985) hypothesis that the termi-
nation of a warm event and the subsequent develop-
ment of cold anomalies is due to instability from an
equilibrium steady state is thus not applicable, at least
in light of these results. An instability analysis of the
full coupled numerical model is presented in a com-
panion paper (Battisti and Hirst 1988), and should be
contrasted with the rather different conclusions of
Suarez and Schopf 1988).

b. Instability growth

Concérning instability, in the initial stages of growth
[e.g., January(12)-April(12) of the standard physics
case] the dominant terms in the SST equation are

aT
—_ — a* .
% Krh — o*T (5.1
where
- -
KT = KT(;l, t) _ 0 H| a(h)

a* = a5+KTvT1,/H;.

Hirst (1986 ) provides an analytical discussion of linear
coupled ocean-atmosphere models, using the classical
Gill (1980) model atmosphere forced by SST pertur-
bations resulting from various ocean thermodynamic
parameterizations. The ocean is on an equatorial -
plane and is forced by wind anomalies. There is a
guiescent basic state in both domains. Hirst examines
the free unstable modes of the system as a function of
the parameterization of the oceanic SST. For the initial
instability growth his model IV (hereafter HIV) is es-
sentially a linearized version of the model that-we have
used in this study where the SST changes are prescribed
in terms of (5.1). There are enough differences between
the models that only a qualitative comparison is pos-
sible. However, by linearizing the expression for the
wind stress anomaly and averaging K, we find that
our free parameter values can be approximately scaled
to Hirst’s “representative values.” Hirst found that this
parameterization for SST produced a slowly growing
unstable mode (one e-folding growth in about 200
days), which propagated slowly eastward at about co/
8. The propagation speed and growth rate are strongly
dependent on the value of Kr; as Kr-decreases the mode
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becomes neutral and stationary. Such a dependence
upon Kris consistent with our results. In the early part
of the year K7 is relatively large and growth is possible.
Eastward propagation however is not possible at that
time, since K = 0 in the far eastern Pacific. With the
seasonal cycle progressing into spring, K- decreases ev-
erywhere and the growth ceases. Growth again becomes
possible in summer when Kr is rapidly increasing to a
maximum value in the central and eastern Pacific in
August. Now, however, our instability mechanism
must diverge from HIV, because horizontal advection
starts to play the primary heating role in the eastern
Pacific. :

It is difficult to contrast the structure of our unstable
mode with that of HIV because K7 varies in time and
space and, as noted above, has a distribution such that
propagation is prohibited in the eastern Pacific during
initial instability -growth. In addition the wind stress
perturbations in our results are not a simple function
of SST anomaly, but depend on the total SST and total
atmospheric convergence fields which are seasonally
and longitudinally dependent in the equatorial band.
(Linearizing Q = K,SST gives a similar seasonal pat-
tern for Ky, as for K7 in the eastern Pacific, shifted by
roughly one season.) However, at the beginning of in-
stability growth [January(12)-February(12)] the spa-
tial structure of SST, 4, and wind stress are similar to
that for the HIV unstable mode. The model instability
occurs on a much smaller scale than that of Hirst’s
however: about 40° in longitude versus a basinwide
scale. Beyond the initial instability growth, further
comparison is precluded by nonlinearity, spatial in-
homogeneity, seasonal cycle effects and boundaries.

Anderson and McCreary (1985) examined a similar
ocean-atmosphere coupled system. They employed a
Gill (1980) model atmosphere with heating a function
of total SST, and a nonlinear one layer ocean dynamics
model in which the upper layer temperature /SST ex-
plicitly affects the ocean dynamics and is non conser-
vative due to diffusion, parameterized upwelling and -
heat flux to the atmosphere. The ocean, which has a
zonally varying background state, is forced via a (lin-
ear) wind stress anomaly. They found slowly eastward
propagating disturbances characterized by a localized
patch of SST anomaly situated above a pycnocline .
depression which extends slightly to the east of the
patch of warm SST. Easterlies (westerlies) lie to the
east (west) of the warm SST patch. As pointed out by
Hirst (1986) the instability mechanism that appears to
be acting in this model seems to be similar to HIV,
and is thus similar to the one in our model. (It is in-
teresting to note that Anderson and McCreary’s warm
events show an abrupt termination similar to ours.
However, no mechanism for the El Nifio demise is
discussed.) Philander et al. (1984) also present coupled
model solutions which exhibit slow eastward propa-
gation. The model physics is essentially that of HIV
but in the ocean thermodynamics d7/dt is assumed
zero (T is assumed- proportional to 2). Although the
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Philander et al. instability solution is spatially like that

of HIV and the initial instability found in our results, '

Hirst points out that the instability acting in Philander
et al. (1984) reflects a fundamentally different dynam-
ical balance from that in HIV; the former is a desta-
bilized Kelvin wave (at sufficiently strong coupling
though, the HIV instability has largely the same struc-
ture as the destabilized Kelvin wave). Finally, we note
that, although upwelling processes tend to be the dom-
inant process for instability growth, once an event is
underway horizontal advection plays an important role
for event evolution (see section 4c).

¢. Further comparison with observations

The model representative event (and model com-
posite event) compares well with the Rasmusson and
Carpenter ENSO with the following exceptions: 1) the
large warming maximum on the coast in June, six
months prior to event peak is not simulated well; 2)
the meridional extent of the SST anomalies is too nar-
row in the model and 3) the model event lasts about
three months too long (these differences are also noted
by Zebiak and Cane 1987). Harrison and Schopf
(1984) note that if an event was initiated in the western
Pacific in the spring when d7/dx is weak and the ther-
mocline is deepest in the east, advective warming would
first appear in the coastal regions in the eastern basin,
just south of the equator (recall that it is difficult to
heat by anomalous vertical processes in the spring in
the eastern Pacific). This warming would occur as a
response to a postulated equatorial Kelvin wave forced
in the western Pacific forced by an anomalous westerly
wind burst, producing advection of water poleward
along the coast by coastal Kelvin waves, and hence
warming to the south of the equator where d7/dy is
strong. In our case the event is underway and sim-
mering in early spring at ~140°W so there is a small
source of downwelling signal reaching the east coast in
late spring. However, it is likely that the grid resolution
in the SST calculation and the SST parameterization
is too poor to model the coastal SST (dynamical non-
linearities in the coastal regions, which must be im-
portant near the equator, are not represented at all).
Furthermore, the advected seasonal 87/3y is probably
underestimated in the model; it is a sharp feature which
is somewhat smeared out in taking a monthly mean.

None of our coupled model results produce events
which begin in the western Pacific (west of the dateline)
and migrate eastward as clearly as the 1982-83 event.
The reason is simple. As noted by Zebiak and Cane,
there is practically no way to get an initial substantial
SST anomaly (and hence a wind anomaly ) in the west-
ern Pacific in this model. Since wind stress anomalies
in this model result exclusively from SST anomalies
there is also no hope of producing significant mixed-
layer current anomalies west of the dateline to advect
the basic state d7/dx. The problem is twofold. First,
the model is probably deficient in the central Pacific
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in approximating the upper layer hydrographic struc-
ture in two layers. Significant errors may develop in
calculating the mixed layer anomalous zonal advection,
particularly when the undercurrent surfaces. There is
an additional deficiency in the model atmosphere that
would suppress events like 1982-83. The real atmo-
sphere should respond to anomalous evaporation
(SST) and surface moisture convergence, p,V * (qu,).
The current model depends on SST and mass conver-
gence, p,V - u,. Since the atmospheric surface moisture
¢ and saturated level g;(7,;) depends on total SST, the
mean distribution of g strongly favors atmospheric
heating (and hence wind anomalies) in the west for
similar mass convergence regions. Currently the at-
mosphere feels this background ¢ distribution only
partially, through the anomalous evaporation term.
Weare (1986) has a more realistic (though not com-
plete) heating approximation for the atmosphere which
produces, for the same SST anomaly pattern, a quan-
titatively different atmospheric response than Zebiak’s
(1986) scheme used here (Tian, personal communi-
cation). We are currently improving the atmospheric
heating approximation for use in the coupled model.
ENSO events like 1982-83 are rare in nature. The
fact the model never produces an event initiated in the
western Pacific may indicate a model deficiency, as
discussed above. It is possible, however, that an anom-
alous wind stress of extratropical [e.g., an Asian cold
surge (cf. Lau and Li 1985; Barnett 1983)] or extra-
Pacific origin (e.g., the 30-60 day wave), not simulated
by the model atmosphere, produced a coherent upper
layer current anomaly in the western Pacific that ini-
tiated the instability mechanism. However, a high fre-
quency wind event in the initial stages of the 1982-83
ENSO is not captured in the observations (and would
not necessarily account for the subsequent large am-
plitude of this event). We are currently investigating
the effects of high frequency random and organized
atmosphere disturbances on the interannual variability
produced in the coupled model. The results (see Battisti
1988) indicate that modest external perturbations of
the coupled system due to weatherlike disturbances like
those postulated above render irregular interannual
variability. The coupled system is most sensitive to
these external perturbations in early spring, as is ex-
pected from the analysis presented in sections 3 and 4
of this paper, and consistent with the findings of Cane
et al. (1986). However, once the event is sufficiently
underway the system is insensitive to these external
perturbations. The dynamics and thermodynamics of
the model warm events with external perturbations
imposed are similar to those described in this paper.

d. Results from other models

We have built essentially the same model as Zebiak
and Cane (1987, hereafter ZC). Inevitably there will
be subtle differences in the model results, as no two
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model codes of this length will be developed identically.
There are subtle differences in the models. For example,
mean field interpolations and grid resolution. And there
are more notable differences, e.g., the western boundary
condition on the meridional walls ( see appendix A for
a summary of known model differences). Apparently
the ENSO event evolution is not affected, however.
We find remarkably similar event characteristics to
those of ZC. The temporal evolution and spatial pat-
terns of SST, zonal wind stress, wind and pycnocline
perturbations are all very similar to ZC’s. In addition,
our results verify ZC’s conclusions concerning the
_ equatorial thickness anomaly / in the equatorial band:
preceding (following) an event 4 is everywhere deeper
(shallower) than normal (we refrain from equating &
with the upper layer anomalous heat content as there
are substantial differences between the two at model
extremes). Sensitivity studies for various model pa-
rameters yields similar conclusions to those of ZC con-
cerning event amplitude and period (e.g., the stronger

the coupling, the larger the amplitude of the events

and the longer the period between events). The most
notable difference is an eastward shift of ~20° in the
SST and zonal wind stress anomalies at the peak of a
warm event in our results. We have carried out exten-
sive model runs (about 300 runs, of which 120 are
longer than 100 years) with changes in the values of
various parameters. These model integrations do not
produce the irregular events that ZC obtain in their
standard run and in some of their runs with parameter
changes. Our interannual variability is much more
regular than that of ZC’s, though not exactly periodic
due primarily to the seasonal cycle. We are confident
that these differences are due to subtle differences in
the way the two models are formulated rather than to
code error.! We also note that the irregular oscillations
reported by ZC are very sensitive to choices of various
parameters. In many of their sensitivity studies (e.g.,
reducing the drag coefficient by 20%; using a subtly
different coupling procedure) regular oscillations en-
sued. Reducing the oceanic wave speed, co, by 13%
produced periodic solutions and in the 90 years stan-
dard physics run, 51 years (the first 23 and the last 29)
showed regular oscillations. Hence, even in ZC’s results,
irregular oscillations occur for a somewhat narrow
range of parameter space. It is reassuring that the in-
dividual ENSO events all evolve in a similar fashion
and gives us confidence that our conclusions concern-
ing event instability growth, peak and eventual ter-

! The uncoupled atmosphere model was used to compute the cases
treated in Zebiak (1986) with indistinguishable differences between
the two solutions. In addition, Ping Tian has independently developed
the code for the same atmosphere model which produces identical
results to ours for the same forcing fields. The dynamic ocean model
reproduces analytic results when forced with various wind stress pat-
terns. Finally, the results presented in Hirst (1987) are reproduced
using a linearized version of the coupled model.
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mination and evolution into a cold event are similar
to that occurring in ZC’s model. Again we note that
the thermodynamical and dynamical evolution of the
event chosen for detailed analysis is largely like all oth-
ers analyzed in our many mode! runs.

We are able to obtain irregular interannual vari-
ability by introducing an external stochastic forcing to
the model. The forcing is-meant to simulate atmo-
spheric variability present in nature but not in the
model atmosphere (e.g., cyclone pairs, the Madden-
Julian oscillation ). With modest amplitude forcing (2
m s~ in zonal wind), the coupled system displays ir-
regular interannual variability, yet still produces warm
events that are manifest through the same physics and
thermodynamics found in the freely evolving coupled
model. These results are presented elsewhere (Battisti
1988).

It has come to our attention that Schopf and Suarez
(1987) have also highlighted the role of the western
boundary reflection in governing the interannual vari-
ability of the coupled tropical atmosphere—ocean sys-
tem. They use a somewhat more complicated numer-
ical model; both the atmosphere and the ocean are
described by two-layer, nonlinear primitive equations.
By averaging the sea level height on the equator and
in a subtropical band (5°-7° lat), they inferred the
Rossby waves emanating from the developing event,
and the resultant Kelvin waves produced upon reflec-
tion of these Rossby waves from the western boundary.
Schopf and Suarez associate the terrnination of the
warm event with the ‘phase reversal’ of the wave am-
plitudes in the central /eastern Pacific. The complexity
of their ocean model prevented an evaluation of the
physics involved in this phase reflection, but we expect
it is very similar to that described herein, and this is
encouraging. It is interesting to note that Schopf and
Suarez (1987) found that, by using the Gill (1980) at-
mosphere of the tropical atmosphere in place of the
two-layer primitive equation model, the interannual
variability of the coupled system with a seasonless basic
state was indeed periodic. They conclude that weath-
erlike events excluded in the simple steady state at-
mosphere were sufficient to create irregular interannual
variability, consistent with our results.

Finally, it is fair to say that, within the framework
of the intermediate level coupled atmosphere-ocean
models (specifically Zebiak and Cane 1987; Schopf and
Suarez 1987), we are converging on a consistent de- .
scription of the dynamical and thermodynamical pro-
cesses that act to control the evolution of individual
model ENSO events: our description of the dynamical
scenario for ENSO is consistent with that of Schopf
and Suarez (1987), and the evolution of the equatorial
heat content described by Zebiak and Cane. However,
it is also true that the cause for temporal irregularity
between model ENSO events is, as yet, debatable. The
chaotic nature of model interannual variability could
be due to the natural nonlinearity in the modeled sys-
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tem, as argued by Zebiak (1985), or high frequency
weatherlike events, as postulated by Schopf and Suarez,
- or both. In the more esoteric arena of nonlinear dy-
namical systems, there is also some uncertainty as to
the existence of multiple stationary states (cf. Suarez
and Schopf 1988; Battisti and Hirst 1988), and ques-
tions pertaining to predictability.

6. Conclusions

In this paper we use a coupled ocean—-atmosphere
model to gain insight to the dynamics and thermo-
dynamics associated with El Nifio/Southern Oscilla-
tion. The ocean part of the model consists of an upper
layer, topped by a fixed-depth surface (mixed) layer,
overlaying a deep motionless layer. The SST is changed
by nonlinear advection by surface currents, upwelling
and heat fluxes to the atmosphere. The upper layer,
which includes the surface layer, is governed by linear
shallow water dynamics. The mean state of the ocean
SST is that given by Rasmusson and Carpenter (1982).
The mean upper and surface layer currents are cal-
culated by forcing the model with the RC mean sea-
sonal winds. The atmospheric component of the model
is the simple linear two layer Gill (1980) model of ther-
mal forcing of the tropical atmosphere. The forcing of
the atmosphere depends on the total atmospheric con-
vergence and the initial SST perturbation (Zebiak
1986 ). The model and choice of model parameters are
very similar to that of Zebiak and Cane (1987).

A substantial number of long model runs of lengths
20-~100 years have been done to examine the sensitivity
of the model response to certain parameters, and high-
light some of the dynamical and thermodynamical
processes. The model is run for 300 years for the stan-
dard physics case. The resultant interannual variability
is regular, with a period quantized by the annual cycle
to 3 or 4 years. For the standard physics case, the am-
plitude (~1.5 m s~! wind and 2°C SST anomalies)
and period (3-4 years) of the interannual variability
are quite realistic. The evolution and horizontal struc-
ture of the SST and wind anomalies is similar to the
observations and consistent with those found by Zebiak
and Cane. The warm events last about three months
longer than the composite warm event: model cooling
commences in July. The irregular or aperiodic behavior
obtained by Zebiak and Cane after ~20 years of in-
tegration is not reproduced. We chose an arbitrary
event in the time series of the standard physics case
and examined the thermodynamic and dynamic pro-
cesses which come into play during each of these stages.
This event is representative of all the events in the
standard physics run, and of the model in general. The
following scenario is a result of this analysis and is
presented schematically in Fig. 15.

Model events are triggered in the early spring in a
year when the pycnocline across the entire equatorial
band (5°N to 5°S) is slightly deeper than normal (Fig.
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15a). The trigger for the instability growth is a minor
pycnocline depression at ~150°W. This acts to warm
the surface by decreasing the vertical temperature gra-
dient and thus reducing the degree to which the mean
upwelling, w,, maintains the mean SST. Hence an
anomalous warming in the SST results. Growth is
stalled, through spring however, because the mean up-
welling and upper layer currents in the eastern Pacific
are weak, and the upper layer thickness is deepest, The
thermal dissipation of the event is as large as the warm-
ing due to any existing feedback effects.

Moving into summer and fall (Fig. 15b), the growth
rate increases dramatically in the eastern Pacific. This
is primarily because the mean currents and upwelling
in the equatorial band are increasing. The rate of
warming during this time and into the fall is driven to
a large extent by equatorially trapped Kelvin waves
and somewhat retarded by radiational cooling, a7
Kelvin waves are forced by the anomalous zonal wind
stress which is produced by the SST anomaly. These
waves propagate eastward, deepening the pycnocline
as they go. As in the spring, this acts to warm the SST
by moving the cold subsurface water further away from
the surface. The effect of the Kelvin wave-induced
heating is more pronounced in the summer/fall be-
cause the mean upwelling is strongest at this time in
the eastern Pacific.

The mechanisms which control instability growth
are consistent with an instability of the coupled ocean-
atmosphere system described by Hirst (1986) where
the SST is driven by

aT/dt = Krh — a*T

where K7 parameterizes upwelling or entrainment
processes and «* ! is an effective damping time. Ac-
cording to Hirst (1986), this instability mechanism also
appears to be that acting in Anderson and McCreary
(1985).

As the warm event grows to peak (Fig. 15¢), oceanic
Rossby waves are generated in the central Pacific by
the wind stress anomalies and propagate westward, and
downwelling Kelvin waves are generated which prop-
agate to the eastern boundary. The latter produce
Rossby waves upon reflection that are trapped in the
eastern Pacific by the anomalous winds of the event.
However, the equatorial Rossby waves produced in the
central basin propagate freely to the western boundary.
Here they are reflected and sent back into the central
Pacific as Kelvin waves which shoal the upper layer
thickness and hence reduce the subsurface temperature
anomaly in the central Pacific. These Kelvin waves,
produced by the reflection of the gravest two symmetric
Rossby waves, propagate into the unfavorable westerly
wind anomalies in the central basin which severely re-
duces the wave amplitude and prevents them from
reaching the eastern boundary. However, as long as
the strong westerlies exist Rossby waves continue to
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be produced in the central basin providing a constant
supply of upwelling via Kelvin waves via reflection
from the western boundary. These Kelvin waves erode
the deep pycnocline perturbation in the central Pacific,
and slowly move into the eastern basin. Thus, it is
wave induced slow erosion of the central Pacific ther-
mocline anomalies which acts to erode the warm event.
Until this wave front has entered the eastern Pacific
(east of about 140°W), it is unannounced in the SST
and wind stress since, in the central and western Pacific,
perturbations about the deep pycnocline have little
surface temperature signal. Once the waves erode the
thermocline above the mean value in the eastern Pa-
cific, the event quickly decays and upwelling Kelvin
waves propagate freely across the entire basin, plunging
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Peak event, winter.
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FIG. 15. A schematic representation of the major physical processes
which act to produce a model ENSO event, based on the analysis
presented in section 3. Cut-away views on the equator are given for
the main stages of development: (a) spring (prior to a warm event
maximum ) when the event is triggered; (b) fall, in which maximum
growth is obtained; (¢} peak event, winter; (d) decay, in the following
(early) summer; (€) peak cold state, the winter following a warm
event. Thick arrows point to regions of major heating/cooling, with
the primary heating and cooling sources and mechanisms noted. Thin
arrows denote upper layer ocean current anomalies and direction of
advective heating. Arrows with tails denote wind stress direction.
The size of the arrows does not reflect relative amplitude.

the system into a cold state (Fig. 15d). To a certain
extent the wave process also helps to terminate the
cold event. In a cold state (Fig. 15¢) easterlies are pro-
duced in the central Pacific which generate Rossby
waves which propagate westward and reflect as down-
welling (warming) Kelvin waves propagating to the
east. However, the winds and hence wave activity gen-
erated by the cold event are somewhat smaller than in
a warm event, and the system returns to equilibrium
more through radiation than through wave dynamics.

It is clear that the critical processes controlling the
interannual variability in this model result from equa-
torial waves which induce changes in the SST through
(primarily ) upwelling processes rather than horizontal
advection. In all the warm events examined the insta-
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bility growth of the warm event was terminated and
the event collapsed via the upwelling Kelvin waves.
The Kelvin waves are produced by the western bound-
ary reflection of the equatorial Rossby waves which are
produced by the event itself. This is made dramatically
clear by removing the western boundary. Without
western boundary Rossby wave reflection there is no
moderation of the instability growth and the system
quickly heads to a permanent warm state. The effect
of the seasonal cycle is to quantize the period of the
event to 3 or 4 years from the free period (for the choice
of parameters used, 3.4 years). The seasonal eycle is
not responsible or necessary for interannual variability.

The interannual variability in this model (and also
in Anderson and McCreary 1985) is not described as
an oscillation around two equilibrium states; a cold
and a warm state. Our model describes an oscillation
about one basic unstable steady state. The growth rate
to either the cold or warm state is too slow for the
system to achieve equilibrium, even a basin the size of
the Pacific. Our results indicate that upon the initial
set of gravest mode Rossby reflections on the western
boundary, the instability growth is already being sub-
stantially moderated by the equatorial wave processes
in the ocean. Thus the system is an oscillatory one
around one basic unstable state (Battisti and Hirst
1988).

The ocean modal analysis (appendix B) suggests only
the gravest two symmetric Rossby modes are important
in the western boundary reflection. This is supported
in an experiment where winds outside the equatorial
band were filtered as to not affect the ocean response.
The resultant interannual variability was very similar
to the standard physics case. This experiment is also
encouraging in that the atmosphere model is known
to give a reasonable representation of the surface wind
field within a thin equatorial band (Zebiak 1986).

There is no clear meridional boundary in the western
Pacific as in our model. For the gravest mode equa-
torially trapped Rossby waves, critical for the existence
of model interannual variability, the group of islands
including New Guinea, Irian and Jaya do form a sub-
stantial barrier to these waves, albeit highly skewed
from a meridional. Calculations suggest that for time
scales greater than two months, this barrier is a rea-
sonable reflector for the gravest mode Rossby waves~
the waves which control the fate of an event.

If western boundary reflection is critical in modeling
interannual variability in the oceans, the absence of
ENSO like events in basins substantially smaller than
the Pacific is inevitable. The time scale for wave in-
duced processes to modulate an initiated instability
scales roughly inversely proportional to the basin width.
For the Atlantic, it is less than 3 months; one may
expect to see a pronounced seasonal cycle rather than
interannual variability.

The results in this study are extremely sensitive to
how the ocean SST is manifest. This is currently based
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on a rather crude parameterization of equatorial upper
ocean thermodynamics of upwelling and mixed layer
physics. We have highlighted the importance of the
ocean dynamics, the memory of the system, in pro-

. ducing and regulating interannual variability. The dy-

namics and pycnocline perturbations are assumed to
be described by the gravest baroclinic mode with hor-
izontally uniform structure. Clearly, higher order ver-
tical modes and nonlinear interactions are important
to the problem. The extent to which our conclusions
will differ by including higher order modes is not clear.
However, our results do point to a somewhat interesting
and rather robust dynamical and thermodynamical in-
teraction which may be acting to produce tropical in-
terannual variability.
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APPENDIX A

Model Equations

1. Model atmosphere equations

The atmosphere anomaly model is that of Giil
(1980), modified by Zebiak (1986). The atmosphere
is assumed linear, steady state (with respect to the time
for changes in the sea surface temperature SST) and
mechanically and thermodynamically damped. The
geometry is an equatorial 8 plane and the atmosphere
is modeled as a single vertical baroclinic mode. The
equations are :

€U, — Byv, = —d¢/0x (AD)
€V, + Byu, = —3¢ /3y (A2)
€d + C2(OUa/0x + v, /3y) = —Qo + Q™ (A3)

where ¢, is the atmospheric wave speed, 8 the constant
gradient of planetary vorticity on the equator and ¢ a
Rayleigh damping, and u,, v, are the surface velocities
in the east (x) and north (y) directions and ¢ is the
geopotential perturbation.

The Qy is a measure of the anomalous diabatic heat-
ing rate due to the anomalous evaporation driven by
the SST anomalies 7" and is given by the Clausius—
Clapeyron equation:
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0 = vcf(zﬁ/ca)"2T[Z;§]2exp<b(l/Tmf— 1/7)).

(A4)
where T is the mean annual SST, T, = 303 K and b
and v are constants (b = 5400 K). The v is is deter-
mined from scale analysis arguments by assuming the
anomalous evaporation is proportional to latent heat
release through anomalous precipitation and that the
heating is vertically distributed (orthogonally) into our
one vertical mode over a specified time (the time scale
associated with convection).
The efficiency in which anomalous evaporation
provides anomalous convection is strongly a function
of the low level moisture convergence,

hy, )
M= f V. (gu')dz.
0

Here q represents the atmospheric moisture, u’ is the
mean (u™) plus anomalous (u) wind, and the integral
is from the surface to the top of the boundary layer #;,
beyond which ¢ = 0. When there is strong moisture
convergence thé anomalous evaporation will have a
larger diabatic effect than when there is little or no
convergence. Zebiak (1986) approximates this effect
on the latent heating through an iterative feedback
process given by

0" ~ ac’ A=V u,) — A(=V u™)]

x, x>0

A(x) = { (AS)

0, x<0

where « is an efficiency coefficient. Using O, as the
first guess, a first-guess wind field u, is obtained which
is then used to calculate QV. The solution is thus cal-
culated iteratively until a near steady state is reached
(see Zebiak 1985).

2. Model ocean equations

The ocean is composed of two distinct layers: an
upper layer and a motionless lower layer. The upper-
layer dynamics are modeled with the linear shallow
water equations on an equatorial 3 plane. The dimen-
sional equations are

ou/dt — Byv = —g'dh/dx+ v%/pHy — ru (A6)
Byu = —g'oh/dy + 1¥/pHy—rv (A7)
8h/ot + HyV-u = —rh (A8)

where (u, v) is the ocean current in the east (x) and

north () direction (u = ui + vj), g’ the value of re- .

duced gravity, po the water density, Hy the mean upper
layer depth, & the upper-layer perturbation (positive
downward), **¥ the wind stress, and ! is a damping
time. Note that the long-wave approximation is made
in the meridional momentum equation. This effectively
filters out the short, slow Rossby waves from the so-
lution.
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To better approximate the surface current we break
up the upper-layer current u into a surface/mixed layer
(u,) with constant depth H; and a subsurface layer
(u,, constant depth H,). Hence,

Holl = (Hllll + Hzllz), Ho = H| + Hz. (A9)
Following Zebiak and Cane (1987) we write:
(A10)

where u; = u; — u, and ;! is a mixed layer damping
time. In this formulation the surface or mixed layer
currents u, are strongly driven by the wind stress 7,
whereas the total upper layer currents u are substan-
tially effected by both the wind stress and the pressure
gradient. The wind stress is calculated quadratically (=
= p,Cp|uglu,).

Since g’ is considered a constant, we do not allow
buoyancy forcing in the upper layer: the dynamics are
uncoupled from the thermodynamics in the model.
The processes that effect the surface layer temperature
are parameterized as follows:

aT/dt = —u, VT + T) - 0,-VT
— S[A(W, + wy) — A(W,)}9T/0z
— 8A(W; + w,)3T/8z — o, T (All)

where T (T) is the anomalous (mean) sea surface tem-
perature, a; is a thermal damping coefficient, w, is the
anomalous surface layer upwelling (w;, = H\V-u,),
u; and w, are the mean annual surface currents and
upwelling velocity, é is an efficiency coefficient, and A
is defined in (AS5). All mean quantities are prescribed.

The third and fourth terms on the right hand side
of (Al1) represent the anomalous upwelling on the
mean vertical temperature gradient 377/9z and the total
upwelling on the anomalous vertical temperature gra-
dient

rag — )’(31( Xug = 7/p0H1.

_(T-T)
H

Finally, the subsurface temperature anomaly T is pa-

rameterized in terms of the total upper layer height

perturbation # as

T, = ©(h)[tanh[A(k + 1.5|h])] — tanh(AR)] (A13)

where © = 28°K and A~ = 80 m for £ > 0, and ©
=-40°K and \™' =33 m for h < 0. A = h(x) is the
annual prescribed upper layer height on the equator.
It will be useful to define '

1 (T9T, oT
a(h) = 2 {[ doh ]h=o+ * [ oh ]h=0']

h(x) and 8T(x)/dz are from data and given by Zebiak

8T /dz (A12)

- and Cane (1987). It is sufficient here to note that both

h(x) and 8T (x)/dz increase monotonically from west
to east along the equator.

The ocean domain is rectangular with vanishing
current normal to the boundaries except on the western
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boundary where the correct boundary condition on an
equatorial 3 plane is | f:’ udy = 0 (cf. Cane and Sar-
achik 1977). This boundary condition must be changed
when latitudinal boundaries are present to filter out
the unrealistic coastal Kelvin waves. The correct west-
ern boundary condition then becomes

(Al4)

where v, (1,) is the location of the northern (southern)
boundary and 6y, is the coastal radius of deformation
at Y.

The values of the parameters for the standard physics
calculation are (after Zebiak and Cane 1987)

Atmosphere:
c.=60ms™!, €=1576 X 10"°s7",
vy=16°mKs™, a=075,
pe=1275kgm™3
Ocean:

Hy=150m, g =56X102ms™>
co=(g'Hy) "?=289ms™", r!=25years
Cp=32X%X1073 ~po = 1.026 X 103 kg m 3,
Hy =50m, 6=0.75

a7 =125 days, r,”' = 2 days.

3. Comparison to the Zebiak and Cane (1987) model

There are at least five differences between the Zebiak
and Cane (1987, hereafter ZC) coupled model and the
. model we use in this study. These are summarized
below.

The “first-guess™ forcing of the atmosphere @ [cf.
(A14)] has been approximated by ZC to the following:

b(T — Ty

Qo = 70a2(2ﬂ/ca)1/2Texp( P ) . (A15)

The difference between (A4) and (A15) produce about
a four percent difference in Qy in the tropics, and only
minor differences in the coupled model response.

In our calibration of the uncoupled ocean model,
the parameterization (A13) for T, gave the best hind-
cast of the sea surface temperature for individual ENSO

events and the Rasmusson and Carpenter (1982) com-

posite ENSO event. The expression for 7; (A13) in
ZC’s ocean model does not contain the factor 1.5. Us-
ing ZC’s parameterization for T in the coupled model,
we obtain ENSO events that display very similar tem-
poral behavior and spatial structure as that in Fig. 2a.
The differences in-the two parameterizations for 7, do
not account for the differences in temporal behavior
in the two coupled models.
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The fictitious latitudinal boundary Kelvin waves are
filtered out of this model through (A14). We do not
know if or how ZC have filtered these boundary waves.

The interpolation schemes we use to obtain the mean
fields varied slightly from ZC, especially in regions of
land. In addition, the monthly mean fields (from ob-
servations) are assumed to be for 30 day months over
a 360 day year in ZC, whereas we have (regrettably)
retained the actual days of the month for a 365 day
year (e.g., January has 31 days, February 28, etc.). Both
of these interpolation differences are thought to intro-
duce negligible differences in the interannual variability
displayed by the two models.

APPENDIX B

Ocean Modal Decomposition

1. Ocean modal decomposition

The modal decomposition of the oceanic solution
(A6)-(A8), with the longwave approximation, is done
following Clarke (1982), and may also be found to a
large extent in Gill (1983). First we nondimensionalize
these equations by writing

(x,y) = (X, P)L;
r= X/T h= Hoil',
(7%, 1) = (X, Y)pHo(cB)'/?

where ¢ = (g'Hp)'/?, T = (¢B)™"/? and L = (c/B)"/%.
Next we define the new variables ¢ and r (dropping
the * notation)

(u, v) = (4, D)c;
t=1iT;

u=(q-r/2 h=(q+r)/2 (B1)
and rewrite (A6)-(A8) in terms of g and r: \
0q/ot+9g/0x+ Ag+ /Ay —yv=X
dr/dt —0r/dx + A\r+ dv/dy + yv = —X
yq—yr+dq/dy + drfdy =2Y. (B2)

We reduce (B2) to a set of equations in x and ¢ by
expanding the variables g and r into the orthonormal
functions

¥, = (27mix )2 exp(y2/2) L
dy™

X [exp(=yH)U-D™ m=0,1,---

where [1° Yy = 8. Defining ¢ = 3 gotbm, 7

= 2 rm¥» and making use of the relations
Al (mt 1\ m\172
- ( . ) Yo +(7) -

2= () s+ (252)
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we obtain the solution in terms of the modal amplitudes

Qs T’
] aqo _ +oo

(A g)at G2 [ xvety B3

+ 00 .
a9 = ﬁf_ Yody (B4)

9 _ %1 _ f”’

m + 1)() * at)qmﬂ s _ (™

X X{m‘l/mﬂ ~ [m(m + l)ll/z‘l’m—l}dy

m=1,2, +-+ (BS)

m+1 /2 2 1/2 p+oo

r.m—l = qm+l(_—m_) - (;‘;) o Ywmdy

‘ m=1,2---. (B6)

Equation (B3) describes a Kelvin wave propagating
eastward with a dimensional speed ¢ = (g'Hy)'/?, being
forced along the way by the projection of the zonal
wind stress anomaly on ¥, the meridional Kelvin wave
structure. The amplitude of the Kelvin mode
is go/2. ,

The solution for g, represents the Yanai mode. The
solutions g,,, m = 2 are the Rossby modes in the system
which propagate westward at dimensional speed —cy/
(2m + 1). In general, these modes are forced by both
components of the wind stress 7. However, for the
longwave approximation in (A7) and the space and
time scales of interest, (B4) simplifies to ¢, = 0 and
the last term in (B6) is small.

2. Reflective properties
a. Eastern boundary

Reflection from the eastern boundary x = xg requires.
u(y, x = xg) =0, or g = r. In terms of the orthogonal
amplitudes this reduces to g,, = r,, at x = xg. Making
use of the fact that only the Kelvin solution can prop-
agate from the west of the eastern boundary and that
the Rossby waves can only emanate from reflection of
the Kelvin wave and wind forcing on the eastern
boundary we can write the amplitude of the g, r,, m
= 1 in terms of the incident Kelvin mode

o=ro, a=V2]  Y(x=xody (B)

m \!/2
Fmer = = Q-
+1 = Gm+1 = 4, l(m-i— 1.)

2 1/2 p+oo
+(m+ 1) . Y= xe)¥mdy

m=12,.--. (Bf)

In the long-wave approximation to (A7), the forcing
term Y in (B7), (B8) is negligible.
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b. Western boundary reflection

The correct western boundary condition is, with the
longwave approximation, f f: udy = 0 (Cane and Sar-
achik 1977). Expanding g and r into modal compo-
nents we can write at the western boundary x = x,

Qo X=X, )=ro(Xx=Xw, 1)+ 2 (rm— gm)dm

m=1
(B9)
where
+ 00 +o0
dm= \l/md)’/f_m \I’Ody
_[m—1m-3 17"
”[ m m-2 2

So now we have the amplitude of the reflected Kelvin
wave gp in terms of all the incident Rossby waves g,,,.
Finally we anticipate that the ocean response will be
dominated by the symmetric modes and in the western
Pacific the coupled model will show very little wind
stress anomalies. Equation (B9) can then be simplified
using (B6) to

= gﬁ S dZm
o= ‘/E * m§=:1 [2(m + 1)(2m + 1)]1/2 Qom+2

m=1,2+-+- (B10)

where d,, = ((2m)!)'/?/(2™m!). The first few terms
of (B10) are

do(x =xw,t)=0."T71g, + 0.17q, _
+ 0.10¢g¢ + 0.0?qg + ...,
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